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The controls on, and history of, the oxygen isotope ratio in seawater continue to be debated after 
many decades of research with the lack of consensus in large part reflecting uncertainty in the role 
of hydrothermal exchange between seawater and the oceanic crust. We have investigated this using new 
carbonate "47 and δ18O data, and whole-rock O-isotope data, for samples from the lava section of the 
Troodos ophiolite. Carbonate data confirm that fluid-to-rock ratios in the upper lavas during off-axis 
hydrothermal circulation are generally sufficiently large that both the fluid δ18O and temperature are 
similar to those of bottom water. However, some samples require more complicated interpretations that 
could reflect changes in the rate of calcite formation. Whole-rock data indicate that O-isotope exchange 
in the lavas is directly linked to the major element exchange that leads to alkalinity production (i.e., 
CO2 consumption) and both are dependent on bottom water temperature. This means that the O-isotopic 
composition of seawater is linked to the long-term C-cycle. The data are used to parameterise a simple 
model of the evolution of the O-isotopic composition of seawater driven by changes in solid earth CO2
degassing. Alkalinity balance links the total extent of weathering of the continents and seafloor, which 
are sinks for high δ18O material, to CO2 degassing rate and surface temperature. The modelling suggests 
that if solid earth CO2 degassing and the rate of formation of oceanic crust are linked, the O-isotopic 
composition of the ocean (including any ice sheets) is unlikely to have varied more than ±1❤ over the 
Phanerozoic.

© 2018 Elsevier B.V. All rights reserved.

1. Introduction

The oxygen isotope composition of seawater (δ18OSW) provides 
important insight into the fluid–rock interactions, both on the con-
tinents and at the bottom of the oceans, that control important 
aspects of ocean chemistry (e.g. Muehlenbachs and Clayton, 1976;
Jaffrés et al., 2007). Continental weathering leads to O-isotope frac-
tionation between the weathering products and associated fluids 
that ultimately return to the ocean (e.g. Savin and Epstein, 1970). 
Likewise, seafloor hydrothermal systems fractionate O-isotopes be-
tween the secondary minerals and modified seawater (Gregory and 
Taylor, 1981; Alt et al., 1986). Precipitation of chemical sediments 
and diagenetic phases are also associated with O-isotope fractiona-
tion. Because the processes that control the O-isotopic composition 
of the ocean are important for many long-term element cycles in 
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the ocean, a quantitative understanding of the controls on the O-
isotope composition of seawater, and how this has changed over 
Earth history, is of fundamental importance to our understanding 
of the Earth system.

Despite decades of research there is an ongoing controversy 
about whether δ18OSW has changed substantially, or remained al-
most constant, over Earth history. On one hand, the δ18O of car-
bonates and cherts are generally isotopically lighter the older they 
are (Perry, 1967; Fritz, 1971), with early Phanerozoic and Archean 
carbonates ∼ 6 to 8❤ and ∼ 15❤ lighter than modern carbonates, 
respectively (e.g. Veizer and Prokoph, 2015; Shields and Veizer, 
2002; Jaffrés et al., 2007). This has been interpreted as indicating 
similarly light palaeoseawater (Perry, 1967; Walker and Lohmann, 
1989; Veizer et al., 1999; Wallmann, 2004; Kasting et al., 2006;
Jaffrés et al., 2007; Veizer and Prokoph, 2015). Alternatively, it 
has been argued that the formation of low δ18O secondary min-
erals in high-temperature, on-axis, seafloor hydrothermal systems, 
and high δ18O secondary minerals in low-temperature, off-axis, 
seafloor hydrothermal systems tends to force δ18OSW towards be-
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ing ∼ 6❤ lighter than oceanic crust (e.g. Muehlenbachs, 1998). 
Since the δ18O of the mantle has remained almost constant over 
time, the implication of this model is that the same must be true 
for seawater (Muehlenbachs and Clayton, 1976; Gregory and Tay-
lor, 1981; Muehlenbachs, 1998; Turchyn et al., 2013). Recently, 
clumped isotope measurements of sedimentary carbonates have 
provided independent evidence that δ18OSW has not changed sub-
stantially over the Phanerozoic (Came et al., 2007; Cummins et al., 
2014; Finnegan et al., 2011; Henkes et al., 2018; Ryb and Eiler, 
2018) however the interpretation of these data have been ques-
tioned (Veizer and Prokoph, 2015). Resolutions to this controversy 
range from explaining the carbonate and chert δ18O record as re-
flecting high paleoseawater temperatures and/or post-depositional 
modification through to postulating significant changes in how 
oceanic hydrothermal systems operate (e.g. Muehlenbachs, 1998;
Gregory and Taylor, 1981; Kasting et al., 2006; Jaffrés et al., 2007).

Irrespective of whether authors conclude that δ18OSW has re-
mained nearly constant or changed dramatically, it is generally ac-
cepted that oceanic hydrothermal processes are key in controlling 
δ18OSW (e.g. Muehlenbachs, 1998; Lécuyer and Allemand, 1999;
Gregory and Taylor, 1981; Kasting et al., 2006; Jaffrés et al., 
2007). A number of recent studies have suggested that δ18OSW
increased ∼ 6❤ over the Phanerozoic and that this was largely 
due to a decrease in the extent of low-temperature alteration of 
the upper oceanic crust (Wallmann, 2004; Kasting et al., 2006;
Jaffrés et al., 2007). In this model increased abyssal sedimenta-
tion starting in the early Phanerozoic is hypothesised to have re-
duced the extent of off-axis hydrothermal alteration of the lavas 
decreasing the magnitude of this high δ18O sink. Here we present 
new carbonate ("47 and δ18O) and whole-rock (δ18O) analyses of 
seafloor lavas from the Troodos ophiolite. These data, along with 
compiled data, are used to guide the construction and calibration 
of a simple model of the controls on δ18OSW. The model shows 
that coupling between the C-cycle and δ18OSW make a 6–8❤
change in δ18OSW over the Phanerozoic unlikely.

2. Oxygen isotope exchange between the ocean and the oceanic 
crust

Oxygen-isotope exchange between the ocean and oceanic crust 
occurs under very different conditions in on- and off-axis regions 
(Fig. 1). On-axis hydrothermal circulation is driven by the cooling 
of magma chambers and plutonic rocks, with larger fluid fluxes in 
the higher permeability dikes than in the underlying, lower per-
meability, plutonic rocks. Temperatures of fluid–rock interaction 
in the dikes and plutonic rocks are typically 350–750 ◦C lead-
ing to the formation of secondary minerals that are predicted to 
have 18O/16O ratios similar to that of the fluid they grew from 
(1000 ln(αr/w) ∼ 0 ± 2❤, where αr/w is the 18O/16O fractionation 
factor between rock and water). High-temperatures and hydrous 
conditions are expected to lead to a close approach to equilibrium 
O-isotope exchange. This means that for the modern system the 
δ18O of dikes and plutonic rocks (initial δ18OSMOW ∼ 5.7❤) de-
crease slightly during on-axis, high-temperature, hydrothermal al-
teration (Fig. 2; Alt et al., 1986; Gregory and Taylor, 1981). The av-
erage dike from the modern ocean basin (δ18OSMOW = 4.5❤; stan-
dard error = 0.06; n = 219) is slightly isotopically lighter than the 
average plutonic rock (δ18OSMOW = 5.1❤; standard error = 0.08; 
n = 315), largely because the higher permeability in the dikes leads 
to higher water-to-rock ratios (∼ 1 versus < 1; e.g., Alt et al., 1986;
Kirchner and Gillis, 2012). A more limited dataset from the Troo-
dos ophiolite gives a very similar result (Fig. 2), consistent with 
high-temperature alteration of the dikes and plutonics operating 
under similar conditions as in modern crust.

Fluid-flow in the off-axis is driven by the cooling of the oceanic 
lithosphere and is focused in the high permeability lavas (up-

Fig. 1. Schematic illustration (not to scale) of the processes in the oceanic crust that 
modify δ18OSW. Reactions associated with on-axis hydrothermal circulation mainly 
occur in the sheeted dikes, where fluid flow is driven by the cooling of magma 
chambers (red ellipse in figure) and plutonic rocks with lesser fluid flow through 
the plutonics. For the modern system (δ18OSW ∼ 0❤) these high-temperature re-
actions lead to the rocks becoming isotopically lighter relative to the fresh rocks 
(5.7❤). Off-axis hydrothermal circulation in the lava section of the crust, that oc-
curs across the abyssal plains at low-temperatures, leads to the rocks becoming 
isotopically heavier. Fluid flow is shown as arrows; black = cool; yellow = hot; 
dashing indicates smaller, but less well known, fluid fluxes (in the plutonic section). 
(For interpretation of the colours in the figure(s), the reader is referred to the web 
version of this article.)

per ∼ 500 m of the crust) where water-to-rock ratios are about 
three orders of magnitude higher than in on-axis systems (Fig. 1; 
e.g., Coogan and Gillis, 2018a). Because fluid–rock reactions oc-
cur at low temperatures the newly formed minerals have O-
isotope ratios significantly higher than the fluids they grow from 
(1000 ln(αr/w) ∼ 30; Fig. S1), however, recrystallisation is gener-
ally incomplete (i.e. the rocks are mixtures of fresh igneous phases 
and secondary minerals). Compiled whole-rock O-isotope compo-
sitions of seafloor lavas from modern ocean crust are heavier than 
fresh rocks (Fig. 2). They also have more variable O-isotope com-
positions than dikes and plutonic rocks, due to the more heteroge-
neous distribution of low-temperature alteration. Strikingly, lavas 
from Mesozoic age oceanic crust, altered when bottom water tem-
peratures were relatively high (∼ 15 ◦C; e.g., Friedrich et al., 2012), 
commonly have substantially heavier O-isotope compositions than 
lavas altered under cooler bottom water conditions (≤5 ◦C) in the 
late Cenozoic (Fig. 2). A Kolmogorov–Smirnov test of the differ-
ence in data distribution between the Mesozoic (arithmetic mean 
δ18OSMOW = 10.6❤; standard error = 0.3❤; geometric mean 
= 9.9❤; n = 210) and late Cenozoic samples (arithmetic mean 
δ18O = 7.0❤; standard error = 0.1❤; geometric mean = 6.9❤; 
n = 151) confirms that the observed difference in δ18O distribution 
is statistically significant (p = 10−22). The skewed distribution of 
the O-isotopic composition of > 75 Myr old lavas is what would be 
expected if samples have been variably, and incompletely, replaced 
by a high δ18O secondary mineral assemblage. This difference in 
the O-isotope composition of altered lavas (but not dikes or plu-
tonics) as a function of their age cannot simply be a result of 
progressive ageing of the crust because most alteration in the lavas 
occurs in the first 20 Myrs after crustal accretion (e.g. Staudigel 
and Hart, 1985; Coogan and Gillis, 2018a). Nor can this be ex-
plained by the temperature dependence of αr/w , because cooler 
conditions lead to larger, not smaller, isotopic fractionations. In-
stead, the most likely explanation of the higher δ18O of Mesozoic 
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Fig. 2. Histograms of compiled and new (see later) O-isotope compositions of lavas 
(VSMOW), dikes and plutonic rocks from the modern ocean basins and the Troodos 
ophiolite. The data for dikes and plutonic rocks from the modern ocean basins are 
all from < 20 Myr old crust and have very similar distributions to the same litholo-
gies in the Cretaceous Troodos ophiolite. In contrast, there is a distinct difference 
between lava samples from young (< 20 Myr) and old (> 75 Myr) crust with the 
Troodos ophiolite samples being more similar to the older samples from the mod-
ern ocean basins. Because of the non-normal data distribution for lavas geometric 
means (GM) are given instead of arithmetic means (ave). Sources of data are listed 
in Supplementary Table S4.

than late Cenozoic lavas is that they underwent greater extents of 
fluid–rock reaction and O-isotope exchange due to the higher bot-
tom water temperature increasing reaction rates.

3. Sample suite and analytical techniques

To further investigate the controls on O-isotope exchange be-
tween seawater and lavas during off-axis hydrothermal circulation 
we have studied a ∼ 20 km wide section of lavas exposed on the 
northern flank of the Cretaceous Troodos ophiolite (Supplementary 
Fig. S2). Whole-rock samples were collected along four traverses 
through the lava section (Coogan et al., 2017; Coogan and Gillis, 
2018b). Carbonates were collected from throughout the study area 
and come mainly from amygdales but occasionally from vugs and 

veins. Whole-rock samples are variably altered to mineral assem-
blages that include clays, zeolites, calcite, K-feldspar, celadonite, 
chalcedony and Fe-oxy-hydroxides (e.g. Gillis and Robinson, 1990;
Coogan and Gillis, 2018b).

Forty-six whole rock lavas were analysed for O-isotopes (Ta-
ble S1) at Western University following procedures reported by 
Polat et al. (2018). Analyses of an in-house quartz standard and 
a CO2 gas standard gave δ18OSMOW = 11.44 ± 0.27❤ (1 standard 
deviation; SD; n = 9) and 10.19±0.03❤ (1 SD; n = 11) relative 
to accepted values of 11.5❤ and 10.3❤. Three analyses of NBS28 
(NIST RM 8546) run as an unknown gave δ18OSMOW = 9.61 ±
0.02❤ (1 SD) relative to the accepted value of 9.58 ± 0.09❤. The 
average standard deviation of replicate sample analyses was 0.39❤
(n = 12). The greater scatter in the sample than standard data sug-
gests this reflects sample inhomogeneity. Strontium isotope ratios 
were also measured on samples not already analysed by Gillis et 
al. (2015) using identical procedures as in that study (Table S1).

Oxygen-isotope data for one hundred and eighty-four hand-
picked carbonates from the study area are used to constrain the 
temperature of fluid–rock reaction (Table S2). Most were anal-
ysed at the University of British Columbia using a Delta PlusXL 
mass spectrometer in continuous flow mode as part of this project 
although some measurements come from previous studies and 
were performed in other laboratories (Gillis and Robinson, 1990;
Gillis et al., 2015; all data are reported in Table S2). Duplicate 
analysis of the same powder gave results with an average absolute 
difference of 0.3❤. Complete sample duplication, including crush-
ing and picking of different material from the same outcrop, led to 
a maximum difference of 1.4❤ (equivalent to ∼ 7 ◦C).

Eleven samples were selected for clumped-isotope analysis (Ta-
ble S3) based on their spanning the normal range of δ18O (i.e. 
excluding samples with extreme δ18O; see Section 4.1 and Fig. 4) 
and the geographical distribution of the study area (Fig. S2). The Sr 
and Mg contents of these samples were determined using standard 
ICP-MS (University of Victoria) and their 87Sr/86Sr by TIMS (Uni-
versity of British Columbia; Weis et al., 2006). Carbonate clumped-
isotope thermometry is based on the quantification of statistical 
anomalies in the abundance of doubly substituted isotopologues 
(e.g., 13C18O16O16O2−). For fundamental thermodynamic reasons, 
13C–18O bonds in a carbonate mineral are more abundant in car-
bonates equilibrated at low than high temperatures (e.g. Schauble 
et al., 2006), and this distribution may be preserved over geologic 
time scales under favourable circumstances (Passey and Henkes, 
2012; Stolper and Eiler, 2015). By precisely measuring the abun-
dance of the multiply-substituted, mass-47, isotopologues in the 
CO2 produced by acid digestion of a carbonate sample it is possible 
to constrain its original crystallisation temperature without making 
assumptions regarding the composition of parent waters. Full ana-
lytical techniques are provided in Supplementary Material S1.

A concern for clumped isotope thermometry with samples as 
old as those studied here is that they may have undergone solid-
state reordering. In this process the abundance of clumped car-
bonate groups in the mineral changes in response to the breaking 
and reformation of bonds within the mineral lattice (e.g. Passey 
and Henkes, 2012). As a thermally activated process solid-state re-
ordering will reset Tc if the sample is held at sufficiently high 
temperature for sufficiently long. Experimental studies suggest that 
samples formed at near-surface temperatures, such as those stud-
ied here, must be heated to ≥100 ◦C to induce measurable re-
ordering on 100 Myr timescales (e.g. Passey and Henkes, 2012;
Henkes et al., 2014; Stolper and Eiler, 2015). Based on the geologi-
cal history of the study area (e.g. Robertson, 1977; Supplementary 
Material S3) we expected the carbonate clumped isotope distribu-
tion not to have been reset and, a posteriori, the low temperatures 
recorded by the clumped isotopes strongly support this.
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Fig. 3. (a) "47-derived carbonate precipitation temperature plotted against carbonate δ18O, with 95% confidence limits. Eight of the eleven samples lie on the trend predicted 
for slow (equilibrium; red lines) growth from a water (subscript W) with δ18O of −1❤ (as expected for Cretaceous seawater). The other three samples can be explained 
either as having grown from a fluid that was ∼ 3❤ lighter or as having grown fast (green line), with kinetic isotope fractionation, from a fluid with δ18O of −1❤; see text 
for discussion; (b) kernel density plots showing that the fluid O-isotope compositions calculated assuming equilibrium relationships (see text for discussion) fall into two 
distinct groups (type A and type B) that also have different, although similar, Sr-isotopic compositions (as shown by the symbol grey-scale in both part a and b).

Fig. 4. Histogram of the calculated temperature of carbonate precipitation based on 
standard δ18O thermometry for samples from the Troodos lavas (n = 184) assum-
ing a fluid δ18O of −1❤ using the Daëron et al. (in press) calibration (which is 
virtually identical to the Coplen (2007) thermometer). The blue curve shows the 
probability distribution for the average (20.3 ◦C) and standard deviation (5.8 ◦C) of 
all carbonate-derived temperatures < 38 ◦C, which captures the distribution of the 
coolest 86% of the data. Higher temperatures are generally associated with deeper 
levels in the lavas, where the amount of carbonate is dramatically lower than at 
shallower crustal levels and fluid fluxes smaller, as well as in isolated regions inter-
preted as up-flow zones. The red bar shows the range in bottom water temperature 
during the first 20 Myrs after formation of the ophiolite (Friedrich et al., 2012), 
which is the main time interval of carbonate formation (e.g. Coogan and Gillis, 
2018a).

4. Results

4.1. Calcite "47 and δ18O: aquifer fluid temperature and O-isotopic 
composition

The clumped isotope measurements yield average "47 rang-
ing from 0.646 to 0.701❤. These data make it possible to es-
timate the temperature and oxygen-isotope composition of the 

water the calcite grew from provided we know the relationships 
between crystallisation temperature (Tc) and "47 and between 
Tc and αc/w (the 18O/16O fractionation factor between calcite 
and water). Precisely calibrating the clumped-isotope carbonate 
thermometer has long remained challenging, at least in part be-
cause of significant inter-laboratory discrepancies. For this rea-
son, and following earlier studies from other groups, we inter-
pret our results based on calibration data sets obtained in the 
same laboratory used to analyse the samples (Peral et al., 2018;
Daëron et al., in press).

Theoretical models suggest that both the relationship between 
Tc and "47 (Watkins and Hunt, 2015) and between Tc and 
αc/w (e.g. Watkins et al., 2013) may be influenced by kinetic 
factors. Recently Daëron et al. (in press) have reported that in-
organic carbonates that grew very slowly, and which are likely 
to have formed in oxygen-isotope equilibrium with their par-
ent waters, define a different Tc–"47 relationship than faster 
growing biogenic calcite. Additionally, they found further sup-
port for the suggestion that at typical laboratory growth rates 
(e.g. those of Kim and O’Neil, 1997) kinetic effects lead to non-
equilibrium calcite δ18O (e.g. Coplen, 2007; Watkins et al., 2013;
Levitt et al., 2018). They interpret the very slow-growing inor-
ganic carbonates as recording equilibrium compositions and sug-
gest that the faster growing calcites have slightly higher "47 and 
substantially lower δ18O due to kinetic isotope effects associated 
with higher calcification rates (Coplen, 2007; Watkins et al., 2013;
Daëron et al., in press). Because calcite in the upper oceanic crust 
forms over many millions of years (Staudigel and Hart, 1985;
Coogan and Dosso, 2015), driven by the alkalinity generated by 
fluid–rock reactions, it seems likely that growth rates are gener-
ally slow in this setting. Thus, we initially use the slow-growth 
(equilibrium) calibrations reported by Daëron et al. (in press) to 
compute Tc from "47 and αc/w from Tc (the latter being virtu-
ally identical to that of Coplen, 2007). This approach yields ap-
parent crystallisation temperatures between 13.8 ± 2.1 and 29.0 ±
2.4 ◦C (±1 standard error; Fig. 3a). Using these temperatures and 
the equilibrium (slow-growth) relationship between αc/w and Tc
(Coplen, 2007; Daëron et al., in press) allows the δ18O of the fluid 
the calcite grew from to be determined. This results in a strongly 
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bimodal distribution (Fig. 3b) of reconstructed water δ18OVSMOW, 
with eight values tightly clustered around −1.0❤ (hereafter re-
ferred to as type A) and the remaining three around −3.5❤ (here-
after referred to as type B). Although different calibrations would 
lead to different absolute temperatures and fluid compositions, bi-
modality is an inherent feature of the data and would be present 
irrespective of the calibrations used.

In the Cretaceous, when the Troodos ophiolite formed, δ18OSW
is thought to have been close to −1❤ due to the lack of ice sheets 
(e.g. Gregory and Taylor, 1981). Thus, the type A calcite can be 
explained as having grown slowly from a fluid with seawater-like 
δ18O. Such a model is consistent with the expectation that water-
rock ratios are generally sufficiently high in off-axis hydrother-
mal systems that fluid–rock reactions are unlikely to substantially 
change the O-isotopic composition of the fluid. Clearly a different 
model is required to explain the type B calcites. Type B calcites are 
not obviously different to type A calcites in their C-isotopic compo-
sition, or Mg and Sr contents (Table S3). They also are from similar 
geological settings to the other samples (Fig. S2). The only inde-
pendent characteristics that differentiate the type B calcites are 
that they have the three highest 87Sr/86Sr ratios (Fig. 3, Fig. S4) 
and the three lowest "47-derived temperatures (Fig. 3), which is 
unlikely to result from chance alone.

The Sr-isotopic composition of carbonates precipitated during 
alteration of the lava section of the oceanic crust depends both 
on the Sr-isotopic composition of seawater at the time the car-
bonate grew and the amount of basaltic Sr dissolved out of the 
rock into the fluid (e.g. Staudigel and Hart, 1985). The Sr-isotopic 
compositions of the type B carbonates are analytically indistin-
guishable from one another (0.707319–0.707322) but are higher 
than any of the other samples we measured clumped isotopes 
on (0.707280–0.707311). Based on comparison with the seawater 
Sr-isotope curve of McArthur and Howarth (2004), the type B cal-
cite either formed at or before 91.7 Ma, or at or after 89.1 Ma 
(Fig. S4). The former age matches the age of the ophiolite raising 
the possibility that these three carbonates precipitated very soon 
after ophiolite formation from a fluid with 87Sr/86Sr almost iden-
tical to seawater. We consider two hypotheses to explain the type 
B calcite: (i) growth from an isotopically very light fluid; and (ii) 
disequilibrium (fast) growth.

According to the first hypothesis, the type B calcite grew from 
a fluid with δ18O of roughly −3.5 ± 0.3❤ which is substantially 
more 18O depleted than the fluid the type A calcite are interpreted 
to have grown from and much lighter than Cretaceous seawater 
(Fig. 3). Fluid–rock reactions at low temperatures form minerals 
with high δ18O, leading to the lavas of the upper oceanic crust be-
coming isotopically heavy (Fig. 2), and hence the fluid in the lavas 
in the off-axis must be driven towards lower δ18O. Sufficient fluid–
rock reaction, at a low water-to-rock ratio, could therefore lead to a 
fluid that was isotopically much lighter than seawater. Indeed, this 
model has been proposed for upper-oceanic crust carbonates from 
ODP Site 801 that coupled "47 and δ18O data suggest grew from 
an isotopically light fluid (Stolper et al., 2016). However, the lavas 
from ODP Site 801 have a complex geological history, including 
off-axis volcanism, that led to carbonate formation at anomalously 
high temperatures (up to > 60 ◦C; Alt and Teagle, 2003) that can 
only be maintained at low water-to-rock ratios. In contrast, both 
thermal and chemical constraints suggest that off-axis alteration 
normally occurs at high water-to-rock ratios (> 1000; e.g. Coogan 
and Gillis, 2018a). Under these circumstances mass balance con-
straints mean that the bulk fluid cannot be driven to significantly 
lighter δ18O than seawater.

Both thermal and chemical constraints require regional scale 
water-to-rock ratios in the lavas to be high. However, on a lo-
cal scale the fluids could experience much smaller water-to-rock 
ratios. It is possible that this was the case for the fluid that the cal-

cite in amygdales grew from because this fluid must have passed 
through a low-permeability rock to reach the vesicle. Is it possi-
ble that the fluid in vesicles had a much lower δ18O than the 
bulk fluid in the lavas because of evolving in a local low-water-
to-rock system? Three qualitative arguments suggest that this was 
not the case. First, all calcite 87Sr/86Sr are similar to that of late 
Cretaceous seawater indicating little modification of the fluid Sr-
isotopic composition by rock dissolution (Fig. 3; Fig. S4). Since 
Sr-isotopes should be more strongly affected by rock dissolution 
than O-isotopes, little modification of the fluid O-isotopic com-
position is expected. Second, if fluid–rock reaction modified the 
fluid O-isotopic composition substantially then this should be seen 
most strongly in the calcite samples precipitated at higher temper-
atures because reaction rates increase with increasing temperature. 
Instead, type B samples grew at the lowest temperatures based 
on their "47 (Fig. 3). Third, a continuum of calcite compositions 
would be expected in this scenario rather than the bimodal dis-
tribution we observed (Fig. 3). As a further test of whether fluid–
rock reaction could have driven the fluid that the type B calcite 
grew from to low δ18O we applied the model of DePaolo (2006)
to calculate the expected difference between the composition of 
fluid in vesicles and in the main fluid flow channels in the lava 
section (Supplementary material S4). This modelling also suggests 
that the fluid from which the calcite grew had a similar δ18O to 
the bulk fluid within the lavas. Because both empirical arguments 
and quantitative modelling suggest the fluid in the amygdales is 
unlikely to be substantially lighter than the main formation fluid 
we discount hypothesis (i).

The alternative hypothesis (ii) to explain the type B calcite 
is that these samples did not grow at equilibrium and hence 
the equilibrium relationships between Tc and "47, and between 
Tc and αc/w , used to calculate the fluid δ18O are inappropri-
ate (Daëron et al., in press). This is most likely to be the case 
if the type B calcite grew faster than the other calcite (e.g. 
Devriendt et al., 2017; Levitt et al., 2018; Watkins et al., 2014;
Watkins and Hunt, 2015), however we lack independent estimates 
of growth rates and so cannot directly test this model. To in-
vestigate this we reprocessed the type B raw data using rela-
tionships "47 and Tc , and between Tc and αc/w , appropriate for 
fast-growing calcite (from Peral et al., 2018 and Kim and O’Neil, 
1997, respectively). This increases the clumped-isotope tempera-
tures for type B calcites by 3–4 ◦C, making them consistent with 
the lower range of type A temperatures, and brings the average 
predicted parental fluid δ18O for type B calcites up to −1.4 ±0.3❤
(1 SD). While potentially coincidental, the observation that this 
model leads to the same fluid O-isotope ratio as that derived from 
the slow-growth model for the type A calcites, and the same as 
expected for Cretaceous seawater, leads us to explore this “growth 
rate control” model further.

Two ways in which the calcite growth rate may have varied 
substantially between samples are if the initial CaCO3 phase was 
not calcite and this subsequently recrystallised to form calcite, or 
if the rate of calcite precipitation changed over time after crustal 
accretion. In the former model if, for example, the original CaCO3
phase was aragonite and this subsequently transformed to cal-
cite it is plausible this transformation occurred rapidly leading to 
disequilibrium calcite growth. We have no reason to believe that 
recrystallisation of a precursor phase occurred and consider this 
a somewhat ad hoc, although plausible, explanation of the type B 
calcite. Our favoured model is that a change in calcite precipita-
tion rate over time occurred. One might expect a change in the 
rate of calcite formation over time after crustal accretion because 
the reactions that drive calcite formation will be fastest when the 
crust is youngest and hence least altered. There are multiple pos-
sible causes of an age dependence of rock dissolution rates such as 
evolution of mineral surface roughness, accumulation of leached 
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layers and secondary precipitates and decreases in the reaction 
affinity driving dissolution (e.g. White and Brantley, 2003). Further-
more, observational support for a change in calcite formation rate 
with time after crustal accretion comes from model ages of calcite 
in the oceanic crust (Coogan and Dosso, 2015). If the type B cal-
cite grew when the crust was young, and hence most reactive, the 
rate of alkalinity generation (and hence calcite precipitation) would 
have been the highest and hence calcite formation rates would also 
have been the highest. It is plausible that at this stage growth rates 
were sufficiently rapid so as to lead to disequilibrium calcite com-
positions. This model is consistent with the observation that the 
Sr-isotope ratios of the type B calcite match that of seawater at 
the time of ophiolite formation, but the type A calcite have lower 
87Sr/86Sr (Fig. 3; Fig. S4).

In summary, eight out of eleven carbonates (type A) measured 
for clumped isotopes are most simply interpreted as having grown 
slowly in O-isotope (and clumped-isotope) equilibrium with a fluid 
with δ18O of −0.94 ± 0.30❤ (1 SD) at between 18.6 ± 2.2 and 
29.0 ± 2.4 ◦C (Fig. 3). The other three samples (type B) could be 
explained by faster (disequilibrium) growth from a fluid with a 
similar O-isotope composition, with kinetic isotope effects leading 
to the different calcite compositions. Disequilibrium growth could 
occur during the initial stages of alteration of the lavas when the 
rocks are most reactive (e.g. contains copious, unarmored, glass) 
and hence the rate of calcite formation the highest.

If we assume that all of the carbonates grew from a fluid with 
δ18O of approximately −1❤ then we can use standard O-isotope 
thermometry to determine the precipitation temperatures of all of 
the carbonates analysed for δ18O. The majority of the samples give 
temperatures of 20 ± 6 ◦C (1 SD) using the Daëron et al. (in press), 
or, equivalently, the Coplen (2007) relationship (Fig. 4). Bottom wa-
ter temperature in the first 20 Myr after accretion of the Troodos 
crust, when most calcite forms (Coogan and Gillis, 2018a), was 
∼ 15 ±7 ◦C (Friedrich et al., 2012). Thus, the vast majority of calcite 
was precipitated at only ∼ 5 ◦C above bottom water temperature. 
If the Kim and O’Neil (1997) thermometer was used instead the 
calculated temperatures decrease by 7 to 10 ◦C and ∼ 15% of the 
samples have calculated precipitation temperatures < 8 ◦C, which 
is lower than bottom water temperatures.

4.2. Silicate δ18O: extent of rock recrystallisation

Fig. 2 shows that the bulk-rock δ18O of lavas from Cretaceous 
age oceanic crust is higher than that for late Cenozoic crust. Since 
δ18OSW was lower in the Cretaceous than late Cenozoic (due to 
the lack of ice sheets) this suggests that the extent of O-isotope 
exchange was greater in the Cretaceous. Because the temperature 
of fluid–rock reaction in the lavas is only slightly above that of bot-
tom water (Figs. 3, 4) it seems likely that the higher bottom water 
temperature in the Cretaceous led to greater extents of O-isotope 
exchange between the lavas and ocean at that time than in the 
late Cenozoic. To further investigate O-isotope exchange between 
the lavas and ocean we collected data for whole-rock samples from 
the Troodos lavas that have also been analysed for their major el-
ement and Sr-isotopic compositions.

Whole-rock δ18O generally decreases with depth in the lava pile 
in each of the four lava sections in the Troodos ophiolite studied 
here, from a maximum of ∼ 26❤ down to a minimum of ∼ 8❤
(Fig. 5a) compared to a fresh rock δ18O of ∼ 5.8 ± 0.5❤ (Sup-
plementary Material S3). The extent of enrichment in 18O in the 
altered lavas correlates with the enrichment in K2O (Fig. 5d) and 
depletion in both Na2O (Fig. 5c) and CaO from the silicate por-
tion of the rock (CaOsil; Fig. 5b). Almost all of the silicate-hosted 
Ca in the original rock has been leached from the samples with 
the highest whole-rock δ18O. Whole-rock δ18O and 87Sr/86Sr(i)
(the age corrected initial Sr-isotopic ratio) also correlate strongly 

(Fig. 5e). Samples with the highest δ18O have 87Sr/86Sr(i) similar 
to late Cretaceous seawater; i.e. these samples completely equi-
librated their Sr-isotopic composition with seawater during low-
temperature alteration. Overall these observations point to the ex-
tent of O-isotope enrichment being largely controlled by the extent 
of recrystallisation of the primary rock with complete recrystallisa-
tion leading to a bulk-rock δ18O of ∼ 26❤.

Most samples from the modern ocean basins that have been 
analysed for O-isotopes have not also been analysed for major el-
ements and Sr-isotopes preventing us from determining whether 
the correlations observed in the Troodos samples are a general 
feature of all altered lavas. Two locations from which samples 
have been more systematically analysed are the adjacent DSDP 
Holes 417A, 417D and 418A (120 Myr old Atlantic crust) and ODP 
Hole 801C (156 Myr old Pacific crust). For these cores so-called 
composite samples have been analysed more extensively than in-
dividual samples generally are. Similar correlations of whole-rock 
O-isotopic composition and K2O, Na2O and CaOsil contents and 
87Sr/86Sr(i) are observed in the composite samples from DSDP Sites 
417A, 417D and 418A and, for K2O and Na2O, in Hole 801C (data 
are not available for the other species for this core) suggesting 
that these are general characteristics of altered upper oceanic crust 
(Fig. 5).

Major element exchange between the ocean and oceanic crust 
during low-temperature hydrothermal circulation acts as a source 
of alkalinity to the fluid or, in other words, as a sink of CO2
from the ocean–atmosphere system (Spivack and Staudigel, 1994; 
Coogan and Gillis, 2013). The magnitude of the alkalinity source 
can be determined by charge balance between the bulk composi-
tion of an altered rock and an estimate of its protolith composition 
(e.g. Spivack and Staudigel, 1994). The alkalinity produced by each 
sample increases roughly linearly with the O-isotopic composition 
of the sample (Fig. 5f). Thus, greater extents of fluid–rock reac-
tion in the upper oceanic crust lead to both greater extents of 
O-isotope exchange and greater CO2 consumption. The extent of 
CO2 consumption has previously been shown to correlate with bot-
tom water temperature (Gillis and Coogan, 2011) and the greater 
extent of O-isotope exchange in Cretaceous lavas than late Ceno-
zoic lavas (Fig. 2) suggests that this is also dependent on bottom 
water temperature.

Additional evidence for alteration of the lavas at low-temperatu-
res is provided by three celadonite separates collected from void 
spaces in the lava pile in the Troodos ophiolite that have δ18O of 
21 ± 1❤ (Table 1). The consistency of their O-isotopic composi-
tion suggests precipitation from a fluid with a similar temperature 
and O-isotopic composition. Using the isotopic fractionation fac-
tor for glauconite (Fig. S2) and a fluid δ18O of −1❤ this would 
reflect equilibrium at ∼ 16 ◦C. While the fractionation factor is not 
well enough known to have confidence in the exact temperature, it 
seems likely that the celadonites grew at temperatures little above 
that of bottom water consistent with constraints from calcite ther-
mometry (Fig. 3; Fig. 4).

5. Discussion: the CO2-cycle as a buffer on seawater δ18O

The data presented above suggest that: (i) off-axis hydrother-
mal alteration of the upper oceanic crust typically occurs at only 
∼ 5 ◦C above bottom water temperature, with the fluid O-isotopic 
composition remaining close to that of seawater (Fig. 3; Fig. 4); 
(ii) the extent of alteration and O-isotope exchange between the 
ocean and lavas depends on bottom water temperature (Fig. 2; 
Gillis and Coogan, 2011; Coogan and Gillis, 2018b); and (iii) the 
extent of O-isotope exchange and alkalinity generation are linked 
(Fig. 5f). Here we use these observations to constrain a model of 
the O-isotope evolution of seawater.
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Fig. 5. Whole-rock δ18O (δ18OWR; VSMOW) v (a) depth, (b) CaOsil (the whole-rock CaO content minus the CaO stored in carbonate minerals determined from the whole-rock 
CO2 content assuming this is all housed in CaCO3), (c) Na2O, (d) K2O, (e) Sr-isotope ratio (age corrected to 87 Myr), and (f) calculated alkalinity produced by fluid rock 
reaction (Coogan and Gillis, 2018b). Grey boxes show estimated fresh-rock compositions. The different colour symbols represent different sampling areas in the Troodos 
ophiolite: Green: Mitsero; Blue: Akaki; Orange: Politico; Black: Onophrious (see Fig. S2) and the smaller grey symbols in parts (b) to (e) are composite samples from DSDP 
Sites 417 and 418 (Staudigel et al., 1996) and ODP Hole 801C (Kelley et al., 2003; Alt, 2003). For Hole 801C the O-isotope data were corrected for intermixed sediment 
using the data in Alt (2003) and these samples are only shown for Na2O and K2O due to lack of data for other species. Whole-rock δ18O are higher shallower in the crust 
and correlate with increased K2O uptake from seawater, increased CaO and Na2O release into seawater and increased 87Sr/86Sr exchange with seawater. Increased alkalinity 
production from the major element exchange between the crust and ocean also correlates with increased whole-rock δ18O because both broadly reflect the extent of rock 
recrystallisation.

Table 1
Equations used in modelling the O-isotopic composition of seawater.

d(δ18OSW )

dt
= M O

L (5.7 − δ18OAL) + M O
D (5.7 − δ18OAD) + M O

P (5.7 − δ18OAP) + M O
SS(6 − δ18OSS) + M O

LM(6 − δ18OLM)

mo
Eq. S1

δ18OAL =
(
δ18OSW + 30 − 0.25T BW

)
FLT + 5.7(1 − FLT ) Eq. S7

δ18OAD = 4.5 + 0.6δ18OSW Eq. S3

δ18OAP = 5.1 + 0.2(±0.02)δ18OSW Eq. S4

δ18OSS =
(
δ18OSW − 3

)
+ 20(±2) − 0.25(T S − 15) Eq. S10

δLM = δ18OSW +
((

18030
T S + 273

)
− 32.43

)
Eq. S11

FLT = 0.07(±0.02)Exp
((

E S F W
a

R

)(
1

275
− 1

TBW + 273

))
Eq. S6

MS S = 2(±0.3) × 105Exp
((

Econt
a

R

)(
1

288
− 1

T S + 273

))
Eq. S9

MLM = MS S /5(±1) Eq. S8

M O : mass of oxygen added to the reservoir per unit time; L: lavas in seafloor weathering zone; AL: altered lavas; D: dikes; AD: altered dikes; P : plu-
tonic rocks; AP: altered plutonic rocks; SS: newly formed silicate sediment; LM: carbonate sediment derived from silicate weathering; mo: mass of 
oxygen in ocean; FLT : fraction of lavas recrystallised during seafloor weathering. Surface temperature (T S ) is set such that sufficient alkalinity is 
generated via seafloor weathering and continental weathering to draw-down the CO2 degassing flux prescribed in the model. Bottom water temper-
ature (TBW ) = T S − 11 (Krissansen-Totton and Catling, 2017); Ea: activation energy for seafloor weathering (SFW) and continental weathering (cont); 
Equation numbers refer to the supplementary material where these equations are described in detail.

The model of the O-isotope composition of seawater considers 
O-isotope fluxes associated with on- and off-axis hydrothermal al-
teration of the oceanic crust, continental chemical weathering, and 
the precipitation of sedimentary carbonates from the ocean (Ta-

ble 1; Fig. S5). Each flux depends on the mass of material involved 
in the flux and the changes in O-isotopic composition between the 
protolith and final rock (Table 1; Eq. S1). For seafloor weather-
ing and continental weathering the mass fluxes depend on global 
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Fig. 6. Density plot of the results of Monte Carlo modelling of the steady-state δ18O of seawater (VSMOW) as a function of changing solid Earth CO2 degassing rate for 
the range of parameters given in Table S5. Part (a) has a 1:1 relationship between the rates of CO2 degassing and oceanic crust formation and part (b) has no relationship 
between these parameters. The solid earth degassing rate shown is just that portion that is taken up as inorganic C and ignores the ∼ 20% consumed as organic C; i.e. total 
degassing rates would be higher. For realistic ranges of Phanerozoic CO2 degassing (as shown) the O-isotopic composition of the ocean (and continental ice) cannot vary much 
from the modern value if the rate of solid earth CO2 degassing is tied to the rate of oceanic crustal production (a). If these are not linked, increased CO2 degassing requires 
more low-temperature weathering reactions to drawdown the extra CO2 into rocks and hence removes more 18O from the ocean driving seawater isotopically lighter (b). 
Colour scale gives percent of model within a given range of δ18OSW for a given CO2 degassing rate.

mean temperature such that higher temperatures lead to higher 
weathering fluxes. Surface temperature is set such that the pre-
scribed CO2 degassing flux is balanced by the CO2 consumption 
via these two weathering fluxes; i.e. the O-isotope model is linked 
to the stabilising feedbacks of the long-term C-cycle. Such a link 
has also been recently suggested by Ryb and Eiler (2018). The 
fractionation of O-isotopes during high-temperature alteration of 
dikes and plutonic rocks at mid-ocean ridges is calculated based on 
the compiled data (Fig. 2). The fractionation of O-isotopes during 
seafloor weathering, continental weathering and carbonate sedi-
mentation are dependent on global temperature. The solid earth 
CO2 degassing flux can either be coupled with, or decoupled from, 
the rate of oceanic crustal formation. The values of many model 
parameters are not known precisely and so we use Monte Carlo 
simulations to explore how δ18OSW varies as a function of the con-
trolling parameters.

The model results suggest that, irrespective of the uncertainty 
in the input parameters, the δ18O of seawater should remain close 
to the modern value if the rate of solid earth degassing is closely 
tied to the rate of oceanic crust creation (Fig. 6a). In this scenario, 
increased CO2 degassing leads (through increased surface tempera-
ture) to an increased weathering rate on both the seafloor and con-
tinents and increased carbonate sediment formation. In turn, be-
cause these processes operate at low temperatures, this increases 
the removal rate of 18O from the ocean. However, this increased 
sink for 18O is counterbalanced by the larger mass of dikes and 
plutonic rocks reacting with seawater on-axis at high-temperatures 
which increases the flux of 18O into the ocean. This result is rel-
atively insensitive to the activation energy for both seafloor and 
continental weathering. The dominant control on the scatter in 
model δ18OSW is the thickness of the sheeted dike complex (and 
to a lesser extent the plutonic complex) with models with thicker 
sheeted dike complexes having a larger flux of 18O into the ocean 
from the dikes, and hence higher δ18OSW. In the modern oceans 
the thickness of the sheeted dike complex depends on the depth 
of the magma reservoir feeding lava flows and is principally con-
trolled by spreading rate. Global average spreading rates may have 
fluctuated over the Phanerozoic but are unlikely to have changed 
systematically. Further back in Earth history, if higher mantle heat 
loss was dissipated through faster spreading, average sheeted dike 

complexes may have been thinner perhaps reducing the flux of 18O 
into the ocean.

It is possible that solid Earth CO2 degassing has been decou-
pled from the rate of formation of new seafloor either during 
geologically brief periods (e.g. during formation of large igneous 
provinces) or if Earth’s tectonic regime was substantially different 
in the past. In this scenario, all other things being equal, increased 
CO2 degassing leads to an increase in the mass of low-temperature 
mineral formation required to balance the alkalinity budget of the 
ocean, and hence an increased sink for 18O (whether in the up-
per oceanic crust or on the continents). This leads to a decrease in 
δ18OSW with increasing CO2 degassing (Fig. 6b).

Over long periods of time models that closely link solid earth 
degassing rate and oceanic crustal production rate are probably 
more realistic than those that do not (e.g. Berner, 1991). Addition-
ally, irrespective of whether the rates of solid earth CO2 degassing 
and oceanic crust formation are linked, limited systematic varia-
tion in either parameter is expected over the Phanerozoic. This 
is because both are expected to be generally related to the sec-
ular cooling of the mantle, which has been limited over this time. 
Thus, it seems unlikely that the isotopic composition of seawa-
ter has increased systematically over the Phanerozoic by ∼ 6❤ as 
has been suggested. Alternative models to explain the carbonate 
and chert δ18O data for early Phanerozoic samples will proba-
bly have to be found. This conclusion is consistent with recent 
work using clumped isotope analysis of Phanerozoic carbonates 
(e.g. Came et al., 2007; Cummins et al., 2014; Finnegan et al., 2011;
Henkes et al., 2018; Ryb and Eiler, 2018) that suggest that δ18OSW
has not changed substantially over the Phanerozoic.

Our model reveals a problem in a currently popular hypothesis 
to explain the purported increase in δ18OSW over the Phanero-
zoic, that proposes that increased pelagic sedimentation reduced 
ingress of seawater into the upper oceanic crust, thus decreasing 
the extent of seafloor weathering over this time (Wallmann, 2004;
Kasting et al., 2006; Jaffrés et al., 2007). This model does not 
account for the alkalinity balance. All other things being equal, 
decreased seafloor weathering would require increased continen-
tal weathering to balance the C-cycle. In turn, the removal of 18O 
from the ocean would simply shift from the upper oceanic crust to 
continental margin sediments; this 18O sink would not disappear 
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as would be required to drive a large increase in δ18OSW over the 
Phanerozoic.

The suggestion that the O-isotopic composition of seawater is 
unlikely to have changed much over the Phanerozoic is not new 
(e.g. Muehlenbachs and Clayton, 1976; Gregory and Taylor, 1981;
Muehlenbachs, 1998) but our explanation for why this is the 
case differs significantly from most previous work. Previous mod-
els have commonly suggested that alteration of the oceanic crust 
buffers the O-isotopic composition of the ocean based on fixed ex-
tents of high- and low-temperature alteration driving the ocean to 
be ∼ 6❤ lighter than the oceanic crust. Instead, we suggest that 
because many of the same processes control both the O-isotopic 
composition of seawater and the long-term carbon cycle, the feed-
backs related to the latter prevent the O-isotopic composition of 
seawater changing dramatically, at least over the Phanerozoic.

5.1. Unravelling the history of δ18OSW

Because clumped isotope analysis of seafloor carbonates from 
ophiolites appears to allow the O-isotopic composition of the deep 
ocean to be determined from ophiolite samples (Fig. 3), analysis 
of ophiolite-hosted carbonate may provide a mechanism to deter-
mine the long-term history of the O-isotopic composition of the 
deep ocean. This would avoid some of the uncertainties associ-
ated with similar studies using shallow marine carbonates (e.g., 
Came et al., 2007; Cummins et al., 2014; Finnegan et al., 2011;
Henkes et al., 2018) where the water the carbonate precipi-
tated from may not be representative of the average global ocean 
(e.g. Muehlenbachs, 1998). However, we caution that the low-
temperature seafloor weathering of the lava section of the Troodos 
ophiolite is exceptionally preserved, and the samples studied here 
come from the best studied part of this ophiolite. Even with this 
context we see complexity in interpreting the data due to the ap-
parent growth-rate control on the composition of some samples 
(Fig. 3). Using similar approaches on older, and less well-preserved, 
ophiolites will require very careful consideration of whether the 
material studied really preserves a record of the growth conditions.

6. Conclusions

Using both new and compiled isotope data for whole-rock sam-
ples and carbonates from the lava section of the oceanic crust 
we: (i) have confirmed that alteration of the lavas typically oc-
curs at near bottom water temperature with the fluid flux being 
sufficient that only minor changes in the O-isotopic composition 
of the formation fluid generally occur; (ii) show that the extent 
of O-isotopic exchange between seafloor lavas and seawater corre-
lates with the extent of exchange of other components including 
alkalinity generation and is greater when bottom water tempera-
ture is higher (Fig. 2; Fig. 5); and (iii) introduce a simple model 
for the O-isotopic evolution of seawater that links the O-isotope 
and C-cycles. In this model the O-isotopic composition of seawater 
cannot change substantially over time if the rate of CO2 degassing 
from the solid earth is tied to the rate of spreading at mid-ocean 
ridges. This is because while increased oceanic crustal production 
leads to an increased flux of 18O to the oceans through high-
temperature alteration of dikes and plutonic rocks at mid-ocean 
ridges, this is counter balanced by an increased CO2 flux requiring 
increased low-temperature weathering (of seafloor lavas and/or the 
continents) which provides an increased 18O sink. A roughly in-
variant δ18OSW is thus an expected consequence of the required 
balance between CO2 degassing and drawdown.
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 1 

Supplementary Material 2 

S1. Clumped isotope analytical protocols 3 

A total of 80 clumped-isotope analyses (44 unknowns and 36 standards) were 4 

performed at the Laboratoire des Sciences du Climat et de l'Environnement (LSCE) using 5 

the equipment and procedures described by Peral et al. (2018). Carbonate samples 6 

weighing between 2.0 and 2.4 mg were dissolved in a common, stirred, 104 % 7 

phosphoric acid bath at 90 °C for 15 minutes. After cryogenic removal of water, the 8 

evolved CO2 passed through a Porapak Q column (50/80 mesh, 1 m length, 2.1 mm ID) 9 

held at −20 °C under helium 6.0 flow (25 mL/min). CO2 was then quantitatively 10 

recollected by cryogenic trapping, and transferred by gas expansion into an Isoprime 100 11 

dual-inlet mass spectrometer equipped with six Faraday collectors (m/z 44 to 49). Each 12 

analysis took about 3 hours, during which sample gas and working reference gas were 13 

allowed to flow from matching, 10 mL reservoirs into the source, through a pair of fused 14 

silica capillaries (65 cm length, 110 µm ID). Every 20 minutes, gas pressures were 15 

adjusted to achieve a mass 44 current of 40 nA, with differences between sample and 16 

reference gas generally below 0.1 nA. Background currents were measured in all high-17 

gain collectors (m/z 45 to 49) before and after each pressure adjustment, with gas flowing 18 

into the source, and are found to strongly correlate with the mass 44 current. 19 

Background-corrected ion current values were processed using the IUPAC 17O-20 

correction parameters (Brand et al., 2010) to compute δ13CVPDB, δ18OVPDB and “raw” Δ47 21 

values for each analysis. The isotopic composition (δ13C, δ18O) of our working reference 22 
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CO2 was computed based on nominal δ13CVPDB and δ18OVPDB values for carbonate 23 

standard ETH-3 (δ13CVPDB = 1.71 ‰, δ18OVPDB = -1.78 ‰, Bernasconi et al., 2018) and 24 

an oxygen-18 acid fractionation factor of 1.008176 (Das Sharma et al., 2002). Three 25 

carbonate standards, ETH-1 to ETH-3 (Meckler et al., 2014; Bernasconi et al., 2018), 26 

were then used to convert raw Δ47 to “absolute” Δ47 values, following the procedure 27 

described by Daëron et al. (2016). The nominal Δ47 values for these standards are those 28 

recomputed by Bernasconi et al. (2018) using IUPAC parameters: 0.258 ‰ for ETH-1, 29 

0.256 ‰ for ETH-2 and 0.691 ‰ for ETH-3. Each of the eleven unknown samples was 30 

analyzed four times, and each replicate analysis was assigned an analytical error equal to 31 

the aggregate external Δ47 reproducibility for our three standards (0.016 ‰). 32 

 33 

S2. Temperature dependence of relevant fractionation factors 34 

Estimates of mineral-water O-isotope fractionation factors for different minerals 35 

that are commonly found in lavas altered in low-temperature, off-axis, hydrothermal 36 

systems are between ~20 and ~40‰ at typical alteration temperatures (Fig. S1). All 37 

minerals show similar temperature dependencies, with a mean (weighted by approximate 38 

mineral abundances) change in O-isotopic fractionation factor with changing alteration 39 

temperature of 0.25±0.02‰ °C-1. This means that as ocean bottom water temperature 40 

changes the bulk fractionation factor between lavas altered at low temperatures and the 41 

ocean will also change. Late Cretaceous bottom water was ~15°C warmer than late 42 

Cenozoic bottom water (e.g. Friedrich et al., 2012) and this will have led to a ~4 ‰ 43 

smaller bulk O-isotope fractionation factor between secondary minerals and seawater in 44 

low-temperature, off-axis, hydrothermal systems at that time.  45 
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 46 

 47 

 48 

Fig. S1: Variation in fractionation factors as a function of temperature for common 49 

secondary minerals formed during off-axis hydrothermal alteration of ocean floor lavas. 50 

 51 

S3. The study area 52 

The study area is an almost 20 km section of the northern flank of the Troodos 53 

ophiolite between the villages of Kato Moni and Kambia (Fig. S2). The lavas of the 54 

ophiolite dip gently northwards and are overlain by seafloor sediments (largely 55 

carbonates). The lavas are well exposed in this area and carbonates from amygdales (or 56 

more rarely veins and vugs) have been collected from throughout the lavas across the 57 

entire area (Fig. S2). Temperatures derived from standard O-isotope thermometry 58 

demonstrate that there is a ~100-300 m thick upper region in which alteration temperature 59 

is approximately constant with depth, and below this alteration temperature increases 60 

with depth (Coogan and Gillis, 2018b). Whole-rock samples were collected along three 61 

surface traverses and from the CY1/1A drill cores (Fig. S2).  62 
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Fresh glass O-isotopic compositions for the Akaki area (5.8 ± 0.5, 1 SD; 63 

Rautenschlein et al., 1985) and a very fresh Troodos gabbro (5.6‰; Spooner et al., 1977) 64 

provide an estimate of the protolith O-isotopic composition in this area. 65 

Sedimentation rates on the area of the Troodos ophiolite studied here were 66 

generally very slow with 10s of meters of calcareous sediment deposited over the first 67 

~60 Myrs after ophiolite formation and then a more complex succession of reefal 68 

carbonates, evaporites and clastic sediments deposited in shallow marine environments 69 

since the mid-Miocene (Robertson, 1977). Maximum burial depths are thought to have 70 

been <<1 km suggesting that the ophiolite was not heated substantially post formation 71 

which is important for preservation of primary clumped isotope signatures.  72 

 73 

 74 

 75 

Figure S2: Map of the study area showing sample locations. CY1/1a drill core samples 76 

are projected to the surface for comparison with the other samples. 77 
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 78 

S4. Modelling the O-isotopic composition of the fluid in vesicles 79 

 Because most of our carbonate samples come from amygdales it is useful to 80 

consider whether the fluid that these precipitated from is likely to have had a similar O-81 

isotopic composition to the main mass of fluid that flowed through the lava pile. To do 82 

this we used the two-porosity model of DePaolo (2006). In this model fluid advects 83 

through parallel fractures of a given separation and fluid-rock reactions occur in the rocks 84 

between these fractures. In nature the channels are the margins of pillows and sheet flows 85 

(i.e. separated by dm to m) and are not completely parallel but the model provides useful 86 

insight into the overall process. The fluid in the rock matrix is assumed to be stationary 87 

and exchange between this fluid and that in the channels occurs via diffusion. We 88 

calculated the change in the O-isotopic composition of the fluid within the rock matrix as 89 

a function of distance from the channel for a series of different channel separations, fluid-90 

rock reaction rates, and rock porosities (Fig. S3). For a range of plausible input 91 

parameters (matrix porosity, channel separation and reaction rates), including more 92 

extreme values than seem realistic (e.g. dissolution rates that would dissolve the entire 93 

rock within 1 Myr), the fluid that carbonate amygdales would have grown from are 94 

<0.2‰ lighter than the fluid in the channels. This scale of change is probably below the 95 

resolution of our approach, and is negligible both in terms of interpreting the history of 96 

the d18O of seawater and when calculating carbonate formation temperatures. The 97 

interpretation that the fluid the amygdales grew from was generally very similar to the 98 

bulk fluid within the lavas is further supported by the fact that amygdales are generally 99 

concentrated in the rims of sheet flows and pillows and hence close to the conduits 100 
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through which fluid flows; i.e. in Fig S3 the modeled changes in fluid composition close 101 

the channel are the most relevant ones. 102 

 103 

 104 

 105 

Figure S3. Results of modelling the difference in fluid O-isotopic composition between a 106 

stagnant fluid within the pores in the basalt matrix, that amygdale calcite could grow 107 

from, and the main fluid reservoir in the crust. The models assume that fluid flows in 108 

channels along the margins of pillow and sheet flows and O-isotopes are diffusively 109 

exchanged between this and stagnant fluid in the rock matrix (Eq. 25 of the dual porosity 110 

model of DePaolo, 2006). Model input: initial rock d18O = 5.7‰; initial fluid d18O = 0‰; 111 

1000ln(ar/w) = 25‰; self diffusion coefficient of H2O = 0.024 m2 yr-1 (Holz et al., 2000), 112 

for 10°C with a tortuosity correction of 0.5. Labels on curves: channel separation, 113 

dissolution rate, matrix porosity. Each pair of coloured curves has just one model 114 

parameter changed between them to illustrate the way in which that parameter affects the 115 

result. 116 
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 118 

S5. Calcite Sr-isotopic compositions 119 

 The Sr-isotopic composition of the calcite amygdales is controlled by both the Sr-120 

isotopic composition of seawater at the time they form and the amount of rock dissolved 121 

into the fluid prior to calcite precipitation. Rock dissolution lowers the Sr-isotopic 122 

composition of the fluid calcite grows from and thus calcite grown at any given time has 123 

lower 87Sr/86Sr the greater the extent of fluid-rock reaction prior to calcite precipitation. 124 

The Sr-isotopic composition of seawater changes over time and thus there is also 125 

information about the age of the calcite crystal in their Sr-isotopic composition. For 126 

example, the type B calcites have Sr-isotopic compositions of ~0.70732 and thus cannot 127 

have formed in the time interval between ~89.5 and 91.5 Ma because seawater had a 128 

lower Sr-isotopic composition than this during this interval (Fig. S4). The type B calcites 129 

have higher 87Sr/86Sr than the type A calcites, and these match that of seawater at the time 130 

of ophiolite formation (Fig. S4). Thus, one model for their formation is that they grew 131 

immediately following ophiolite accretion from a fluid with little rock Sr in it. This model 132 

is consistent with these calcite having the lowest formation temperatures (Fig. 3).  133 

 134 
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 135 

 136 

Fig. S4. Comparison of the Sr-isotopic composition of the calcite samples measured for 137 

their clumped isotopic composition (histogram on left; type A calcite shown in blue and 138 

type B in red) and the seawater Sr-isotope curve (black line; McAuthur and Howard, 139 

2004). Also shown is the age of formation of the Troodos ophiolite (black square with 140 

error bar) based on a concordant zircon U-Pb age of 91.6±1.4 (Mukasa and Ludden, 141 

1987) for a plagiogranite along strike (i.e. dike parallel) from our study area. The light 142 

red shading shows that the type B calcite could have formed very soon after ophiolite 143 

formation or after ~89.5 Ma but not in between these ages. These Sr-isotope data also 144 

allow us to rule out chemical exchange between the fluids the calcite amygdales grew 145 

from and the overlying sediments because the basal limestones overlying the ophiolite in 146 

the study area have much higher 87Sr/86Sr (>0.70775; and d18O between -1 and +1‰; 147 

Coogan and Gillis, unpub.) suggesting deposition ~20 Myr after ophiolite formation.  148 

 149 
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S6. Modelling the O-isotopic composition of seawater 150 

The following describes the model used to evaluate the controls on seawater d18O 151 

and discusses the range of parameter values used in modelling d18OSW and the 152 

assumptions made in constructing the model. Important features of the model (Fig. S5) 153 

that differentiate it from others in the literature include: (i) alkalinity is balanced such that 154 

the amount of weathering (combined seafloor and continental) is sufficient to generate 155 

the alkalinity needed to draw-down the CO2 degassed from the solid earth that is not 156 

taken up as organic carbon (the organic C sink is ignored here as it does not affect the O-157 

isotopic composition of seawater) – this is important because all weathering processes 158 

take up isotopically heavy oxygen; (ii) changes in surface and bottom water temperature 159 

are accounted for in determining the fractionation factor for O-isotopes during seafloor 160 

and continental weathering; and (iii) the role of low- and high-temperature alteration of 161 

the oceanic crust are calibrated against new compilations of natural sample data (Fig. 2), 162 

and better estimates of water-rock ratios, than previously used.  163 

 164 

 165 
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Figure S5. Schematic of the model used for determining the range of possible steady-state 167 

d18OSW. The model is driven by solid earth CO2 degassing (schematically shown as a 168 

volcano) and includes O-isotope exchange (double-headed arrows) between the ocean 169 

and oceanic crust during high- and low-temperature hydrothermal circulation, O-isotope 170 

exchange during continental weathering (forming new silicate material that has 171 

equilibrated its O-isotopes with the exosphere) and carbonate sediment precipitation 172 

(single headed arrow) from the ocean.  173 

S6.1. A simple model for seawater d18O 174 

The change in seawater d18O with time (d(d18OSW)/dt; all O-isotope data are on 175 

SMOW scale throughout) is calculated from a simple model (Fig. S5) that accounts for 176 

O-isotope exchange during on- and off-axis hydrothermal circulation, continental 177 

weathering and carbonate precipitation: 178 

 179 

!(#$%&'()

!*
=
,-
.(5.7 − #$%&3-) + ,5

.(5.7 − #$%&35) + ,6
.(5.7 − #$%&36) + ,''

. (6 − #$%&'') + ,-8
. (6 − #$%&-8)

9:

 180 

 181 

   Eq. S1 182 

 183 

where, MO = mass (M) of oxygen (O) added to the reservoir per unit time, L = lavas in the 184 

seafloor weathering zone, D = dikes, P = plutonics, AL = lavas altered by seafloor 185 

weathering, AD = altered dikes, AP = altered plutonics, SS = newly formed silicic 186 

sediments that have equilibrated their O-isotope with the exosphere (e.g. clays), LM = 187 

carbonate sediments, d18OX = d18O of unit X after alteration/weathering and mo = mass of 188 

oxygen in the ocean (ocean mass held constant at 1.4x1021 kg throughout; 88% oxygen). 189 
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The fresh rocks are assumed to have d18O of 5.7‰ (oceanic crust) and 6‰ (continental 190 

crust) prior to exchange of O-isotopes with the hydrosphere. 191 

S6.2. The on-axis high-temperature hydrothermal flux 192 

In on-axis, high-temperature (≥400°C), hydrothermal systems fluid-rock reactions 193 

are expected to achieve a close approach to equilibrium O-isotope exchange between the 194 

fluid and rock. The relatively small variation in d18O of sheeted dikes (Fig. 2b), and even 195 

smaller variation when samples from within close proximity to one another are 196 

considered (Alt et al., 1996; Gillis et al., 2001), is consistent with a close approach to 197 

equilibrium and this is assumed here. Mass balance constrains the exchange of oxygen 198 

isotopes between seawater and the crust at elevated temperatures in a manner apparently 199 

not included in the model of Muehlenbachs (1998):  200 

 201 

,(
.#$%&'( + ,;

.#$%&<; = ,(
. (#$%&3; − Δ) + ,;

.#$%&3;  Eq. S2
 202 

 203 

where, subscripts W, R, FR and AR are water, rock, fresh rock and altered rock 204 

respectively, and D is the difference in O-isotopic composition (‰) between the rock and 205 

fluid at the temperature of fluid-rock reaction (typically ≥400°C). This equation is solved 206 

separately for the sheeted dikes and plutonic rocks due to both their different average O-207 

isotopic composition (Fig. 2) and different water-to-rock ratios. 208 

The difference between the O-isotope composition of the average altered sheeted 209 

dike from young oceanic crust (d18O ~4.5‰; Fig. 2) and a typical modern high-210 

temperature vent fluid (d18O ~ 0.8‰; data from Shanks, 2001) constrains D to be ~3.7‰ 211 
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during alteration of the dikes. Using these values suggests a water-to-rock oxygen ratio of 212 

~1.5. Substituting these values into Eq. S2, and assuming a fresh rock value of 5.7‰ and 213 

rearranging gives:  214 

 215 

#$%O35 = 4.5 + 0.6#$%O'(  
Eq. S3 

 216 

 217 

where, AD = altered dikes. This is quite different to the result given by Muelenbachs 218 

(1998) in his Eq. 4 that appears to ignore the contribution of O from the dikes (i.e. it 219 

appears to assume a very high water-to-rock ratio in the dikes).  220 

The O-isotopic composition of the average altered plutonic rock (d18O ~5.1‰; 221 

Fig. 2) is less shifted relative to the fresh rock than that of the average dike; unfortunately 222 

we do not have fluid compositions to directly compare with the altered plutonic rocks. 223 

The higher d18O of the plutonic rocks than dikes most likely reflects the smaller water-to-224 

rock ratio within the plutonic section of the crust. The higher temperature of alteration in 225 

the plutonic section than dikes (e.g. Gillis, 1995; Manning et al., 1996) should lead to a 226 

smaller fractionation factor between the fluid and rock. Letting D range between 2.5 and 227 

3 for plutonic rocks in Eq. S2, requires ,(
. /,;

. to be between 0.23 and 0.28 to give d18O 228 

of altered gabbros of 5.1‰ with d18OSW = 0‰. This leads to: 229 

 230 

#$%O36 = 5.1 + 0.2(±0.02)#$%O'(  
Eq. S4 

 231 

 232 
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Compared to the dikes, the smaller water-to-rock ratio means that the composition of the 233 

plutonic rocks is less strongly influenced by the O-isotopic composition of seawater; 234 

however, the larger mass of plutonic rocks leads to dikes and plutonics having similar 235 

scales of importance in controlling the evolution of seawater d18O.  236 

S6.3. The off-axis low-temperature hydrothermal flux 237 

 In off-axis hydrothermal systems the extent of O-isotope exchange is dependent 238 

on the extent of recrystallization of the fresh rock (and consequent formation of 239 

secondary minerals) as well as on the O-isotopic composition of the secondary minerals 240 

formed. In the model the change in rock d18O in off-axis hydrothermal systems is 241 

calculated accounting for both the larger fraction of O-exchanged when bottom water is 242 

warmer (i.e. greater extent of recrystallization of the rock; Fig. 2) and the change in the 243 

fractionation factor with changing bottom water temperature (Fig. S1). The difference 244 

between the d18O of lavas altered in the Cretaceous (9.9-10.6‰ dependent on whether the 245 

arthimetic or geometric mean is used) and late Cenozoic (6.9-7.0‰; Fig. 2) is used to 246 

determine the change in the fraction of lavas replaced by low-temperature minerals 247 

during seafloor weathering (FLT) with changing bottom water temperature. Data for 248 

samples from the modern ocean basins are used in an attempt to minimize sampling 249 

biases (i.e. comparing like with like). The end-member completely altered Cretaceous 250 

lava is assumed to have a d18O of 26% (Fig. 5) and the change in bottom water 251 

temperature (TBW) relative to the modern is assumed to have been between 10 and 15°C 252 

(decreasing the fractionation factor by between 2.5 and 3.8‰; 3.1±0.7‰ in Eq. S5b). In 253 

doing this we assume a simple kinetic control on the extent of O-isotope exchange during 254 
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off-axis hydrothermal circulation (i.e., the extent of recrystallization of the rock) and 255 

determine the effective activation energy: 256 

 257 

<EF
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<EF
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;
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$
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 259 
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]^f
−

$
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[d  Eq. S5b 260 

  261 

where R is the gas constant (8.314 J mol-1 K-1); j-aklmnopm:qr	= fraction of primary 262 

minerals replaced by low-temperature minerals during seafloor weathering in Cretaceous 263 

lavas; j-a;mpmtn	= fraction of primary minerals replaced by low-temperature minerals 264 

during seafloor weathering in recent lavas. This leads to a range of activation energies for 265 

seafloor weathering (Ro'<() from 57 to 103 kJ mol-1 and this range is used in the 266 

modeling. These values are consistent with those determined from modelling Sr-isotope 267 

exchange (92 kJ mol-1; Coogan and Dosso, 2015) and C-uptake by the crust (75 kJ mol-1; 268 

Coogan and Gillis, 2018a) and the range of 53-97 kJ mol-1 derived from inverting a C-269 

cycle model (Krissansen-Totton and Catling, 2017). While this gives the temperature 270 

dependence of the fraction of the lavas replaced at low temperature (FLT) the absolute 271 

value of FLT depends on whether the modern seafloor or ophiolite data is considered more 272 

representative. The former has the advantage of being derived from samples with MORB 273 

protolith compositions but the latter suffers less from sampling biases (e.g. poor recovery 274 

of the most altered material in drill cores). The range of possible values is encompassed 275 

by: 276 
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 277 

j-a = 0.07(±0.02)RSTUV
WK
XYZ

;
[ V

$

]^f
−

$

]^_`abZ
[d  Eq. S6 278 

 279 

Where for model runs with high values of the pre-exponential the maximum activation 280 

energy for the run is reduced slightly (from 103 to 90 kJ mol-1 for the maximum pre-281 

exponential of 0.09) to prevent FLT exceeding 1, which is physically impossible. 282 

 The temperature dependence of the bulk fractionation factor for secondary 283 

minerals formed in off-axis hydrothermal systems is discussed in Section S2 and the 284 

value of 0.25‰ °C-1 is used. Using the completely altered Cretaceous end-member bulk-285 

rock d18O of 26‰ (assuming a bottom water temperature of 12°C and d18OSW of -1‰) 286 

leads to: 287 

 288 

#$%O3- = (#$%O'( + 30 − 0.25vw()j-a + 5.7(1 − j-a)  
Eq. S7

 289 

 
 290 

S6.4. Continental chemical weathering and carbonate sedimentation 291 

 The net effect of continental weathering of silicate material, and the associated 292 

diagenetic alteration of the sediments produced, can be thought of as the transformation 293 

of originally igneous rocks into a mixture of clastic sediments (composed of new 294 

minerals and clasts of the primary rock) along with chemical sediments formed from the 295 

dissolved load (dominantly carbonates). Taking a long-term river flux of ~1x1016 g yr-1 296 

(150x106 km2 eroded at 24 m Myr-1; Wilkinson, 2005) with 20% being new clastic 297 

silicate sediment (MSS; g yr-1) (with the remainder being recycled clasts and dissolved 298 
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load; Wallmann, 2001) gives 2x1015 g yr-1 of new clastic silicate sediment (that has 299 

changed its O-isotopic composition) to which we arbitrarily assign an uncertainty of 15%. 300 

The rate of new carbonate sediments formation (MLM) is controlled by the rate of 301 

alkalinity generation (at least that related to Ca and Mg release, see below) during 302 

continental weathering (i.e. the dissolved load). Recycling of carbonate sediments is 303 

ignored here because, on long timescales, this plays little role in the C-cycle (or O-cycle). 304 

The present-day rate of CO2 consumption by continental weathering can be estimated 305 

from river chemistry. The chemistry of large rivers suggests ~8.7x1012 to 10.6x1012 mol 306 

yr-1 of CO2 consumed (dependent on the assumptions about river Na contents) with ~60% 307 

coming from Mg and Ca that can directly contribute to carbonate rocks and the other 40% 308 

largely from K and Na that cannot (Gaillardet et al., 1999). The role of the alkalinity 309 

carried by these alkali elements is unclear, with possibilities ranging from driving CO2 310 

consumption, for example if they are involved in converting plagioclase feldspar to alkali 311 

feldspar, to driving CO2 release if they are taken-up in reverse weathering reactions (e.g. 312 

France-Lanord and Derry, 1997). It is also unclear how much additional CO2 is consumed 313 

by weathering of volcanic ocean islands (where Na and K are relatively minor 314 

components) that are not included in the above estimate based on large rivers. Estimates 315 

for CO2 consumption in these settings are large, such as ~0.9x1012 mol yr-1 of CO2 316 

consumed in tropical volcanic arcs (Shopka et al., 2011) to 3x1012 mol yr-1 of CO2 317 

consumed by weathering basaltic islands globally (Gaillardet et al., 1999). As a first 318 

approximation we take 60% of the mean of the large river CO2 consumption estimates 319 

(5.8x1012 mol yr-1) and 100% of the mean of the basaltic island CO2 consumption 320 

estimates (1.95x1012 mol yr-1) giving a total CO2 consumption rate of 7.75x1012 mol yr-1 321 
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(±1.4 x1012; 1s).  This is sufficient to form ~3.9x1012 moles of calcite (or ~3.9x1014 g yr-1 322 

of calcite). Using the ratio of 2x1015 g yr-1 of new silicate sediment to 3.9x1014 g yr-1 of 323 

calcite derived from silicate alkalinity gives a roughly 5:1 ratio of new clastic sediment to 324 

new carbonate sediment. We assign an uncertainty of 20% using 5(±1):1 in the models 325 

giving: 326 

 327 

MLM = MSS/5(±1)  Eq. S8 328 

 329 

We use simple temperature-dependent kinetics to allow the rate of formation of new 330 

continental sediment, that has exchanged O-isotopes with the exosphere (MSS; e.g. clays 331 

formed during weathering), to vary with surface temperature (TS): 332 

 333 

,'' = 2(±0.3) × 10$]RSTUV
WK
LMQJ

;
[ V

$

]%%
−

$

aO`]^_
[d  Eq. S9 334 

 335 

which makes the rate of formation of sediments that have exchanged O-isotopes with the 336 

exosphere change as mean surface temperature diverges from 15°C. We explore a broad 337 

range of possible activation energies for silicate weathering on the continents (Eacont) of 338 

20-80 kJ mol-1.  339 

Assuming that rainwater is on average 3‰ lighter than seawater (Muelenbachs, 340 

1998; Rozanskial et al., 1993), and that the fluid to rock ratio during weathering is 341 

effectively infinite, the silicate weather products will have a bulk O-isotopic composition 342 

of: 343 

 344 
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#$%O'' = (#$%O'( − 3) + 20(±2) − 0.25(v' − 15)  
Eq. S10

 345 

 346 

where 20±2‰ is the fractionation factor for typical new silicate sedimentary material 347 

suggested by Muehlenbachs (1998) with an uncertainty based on the scatter in clay 348 

compositions reported by Savin and Epstein (1970). In Eq. S10 the same temperature 349 

dependence for the isotopic fractionation factor as applied to seafloor weathering 350 

products is used (-0.25 per degree Celsius; Fig. S1) but this is calculated relative to a 351 

surface temperature of 15°C.  352 

 The O-isotopic composition of sedimentary carbonate rocks precipitated from 353 

seawater (d18OLM) is determined from: 354 

 355 

#$%O-8 = #$%O'( + UV
$%e_e

aX`]^_
[ − 32.43d

  Eq. S11
 356 

 357 

which uses the Kim and O’Neill (1997) calcite O-isotope thermometer (which is 358 

appropriate for rapidly grown calcite, which most sedimentary calcite probably is; 359 

Daëron et al., in review) and the surface temperature as most limestone is formed in near-360 

surface conditions. 361 

S6.5. Relating seafloor and continental weathering rates to solid earth CO2 degassing 362 

through temperature 363 

 The mass of material formed during seafloor (AL) and continental weathering (SS 364 

and LM), and their O-isotopic compositions, depend on global temperature. Global 365 

temperature is linked in the model to the rate of CO2 degassing from the solid Earth. As 366 
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already noted, we ignore CO2 uptake as organic carbon, and thus CO2 degassing rates 367 

considered here are proportionally lower than the total degassing rate. Any change in CO2 368 

degassing must be matched by a change in alkalinity production and hence CO2 draw-369 

down to maintain a steady-state exosphere C-content: 370 

 371 

yCO] =
3-{XYZ

]
+

3-{LMQJ

]    Eq. S12
 372 

 
373 

Where RCO2 = the rate of degassing of CO2 from the solid earth (mol yr-1) excluding that 374 

portion that is buried as organic carbon; ALK = alkalinity production rate during seafloor 375 

weathering (SFW) and continental weathering (cont; corrected for that portion of the 376 

alkalinity associated with Na and K that does not result in carbonate rock production as 377 

discussed above). The alkalinity generation (eq yr-1) from seafloor weathering is taken 378 

from Fig. 5f (ALKSFW = MAL(4.02FLT); where MAL is the mass production rate of lava that 379 

undergoes seafloor weathering (which is linked to bottom water temperature through Eq. 380 

S6). The alkalinity generation from continental weathering is simply 2MLM/100 where 381 

100 is the molecular weight of calcite and 2 is the equivalents consumed in forming 382 

calcite. Surface temperature is set to the value required to satisfy Eq. S12 given the other 383 

model parameters. 384 

385 
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 501 
 502 
Table S5: Symbol definitions and range of model parameters explored in modeling d18OSW 503 
 504 

Parameter Symbol (units) Minimum Maximuma 
O-isotopic composition of seawater d18OSW   

O-isotopic composition of A d18OA   
time t (Myr)   

rate of CO2 degassing (ignoring CO2 subsequently drawn-
down into organic C) 

RCO2 (mol yr-1) 4x1012 8x1012 

thickness of lavas altered during seafloor weathering TL (m) 100 500 
thickness of dikes TD (m) 750 1500 

thickness of plutonics TP (m) 3000 5000 
area rate of formation of new oceanic crust A (km2 yr-1) 2 4 

density of lavas rL (kg m-3) 2500  
density of dikes rD (kg m-3) 2800  

density of plutonics rP (kg m-3) 3000  
rate of formation of lava that undergo seafloor weathering ML (kg Myr-1) b A.TL.rL  

rate of formation of dikes MD (kg Myr-1) b A.TD.rD  
rate of formation of plutonic rocks  MP (kg Myr-1) b A.TP.rP  

rate of formation of new silicate sediments that have 
modified O-isotopic compositions (e.g. clays) 

MSS (kg Myr-1)   

rate of formation of carbonate sediments MLM (kg Myr-1) MSS/6 MSS/4 
oxygen in reservoir X XO   
mass of O in the ocean mo (kg) 1.23x1021 1.23x1021 

fraction of the lavas recrystallized at low temperature  FLT   
global mean surface temperature TS (°C)   

global mean bottom water temperature TBW (°C) TS - 11  
activation energy for seafloor weathering EaSFW (kJ mol-1) 57 103 

activation energy for continental weathering EaCont (kJ mol-1) 20 80 
 505 
aRanges of values are selected to span reasonable values for the Phanerozoic and are not 506 
meant to represent any specific time periods or conditions. Thickness of lavas, dikes and 507 
plutonics are from Coogan and Gillis (2018b), Coogan and Dosso (2012) and White et al. 508 
(1992) respectively, with the lower limit on the thickness of the plutonics based on 509 
assuming only the upper part of the plutonic section is hydrothermally altered. 510 
bsuperscript O indicates mass of oxygen associated with these rocks 511 
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